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Bare soils and grasslands in arid and semi-arid conditions constitute a large portion of the earth surface.
Evaporation, which is the main component of the water balance in these conditions, often takes place through a
dry soil layer (DSL). There is no scientiﬁc agreement yet on the DSL eﬀects on evaporation rates.
The implementations of three conceptual models of DSL-evaporation were tested for the simulation of evaporation rates in a semi-arid study area in Central Spain: (i) the daily-average model, based on the assumption
that the daily average vapour transport in a DSL can be represented in analogy to isothermal liquid ﬂow; (ii) the
numerical model solving the Richards equation, in this case HYDRUS1D was used; and (iii) the pore-scale model,
based on soil column experiments in laboratory conditions. The evaporation rates estimated by the three conceptual models for semi-arid ﬁeld conditions were compared with the evaporation rates measured by an eddy
covariance tower in the same area.
The results indicate that the daily-average conceptual model assumption, in which the DSL has no eﬀects on
evaporation, does not hold in very dry conditions. The numerical model solving the Richards equation was not
able to simulate the eﬀects of the DSL on evaporation rates. The evaporation estimates obtained by the pore-scale
conceptual model were closest to the eddy covariance measurements during the dry season, however this model
was applicable only to the relatively steady evaporation conditions during afternoons and only assuming spatially constant DSL thickness.

Keywords:
Dry soil layer
Soil evaporation
Semi-arid
Arid
Water vapour ﬂow

1. Introduction
Evaporation from bare soils and grasslands is the most important
component of the hydrological balance in semi-arid and arid areas
(Lawrence et al., 2006; Wang, 2015). Such areas cover a signiﬁcant part
of the earth surface and can be found in all continents (Peel et al.,
2007). They are particularly vulnerable to desertiﬁcation processes,
following changes in their hydrological balances (Badreldin et al.,
2017). The grass in these areas typically transpires only during short
rainy seasons, while in rest of the time tend to become dormant, senesce
or die, converting to bare soil. Therefore evaporation from the bare soil
becomes the main water ﬂux in the water budget in semi-arid and arid
areas (Brutsaert, 2014). In this study, the soil is deﬁned as the porous,
unconsolidated material covering an underlying bedrock, regardless of
its water content.
The soil evaporation process is strongly dependent on the hydraulic
connection between the soil surface and the saturated zone (Good et al.,
2015; Maxwell and Condon, 2016). Gardner and Fireman (1958)

⁎

studied the steady-state evaporation from a water table in soil columns’
laboratory experiments, calculating the upward liquid ﬂow with the
Buckingham-Darcy law. They found that the bare soil evaporation
shows an exponential decay with increasing water table depth. Shah
et al. (2007) simulated the steady-state evaporation from a bare soil as
dependent on water table depth using a variable saturation, one-dimensional ﬂow model (HYDRUS1D) based on the numerical solution of
the Richards’ equation (Simunek et al., 2005). This type of model requires a continuous liquid connection between the saturated zone and
the soil surface, which is a valid assumption for a shallow water table
with mild evaporative conditions (Lehmann et al., 2008a, 2008b), but
questionable for arid and semi-arid conditions and/or a deep water
table. At a certain water table depth (WTD) the gravity forces become
stronger than the capillary forces, and liquid continuity is disrupted
(Shokri and Salvucci, 2011).
When the liquid continuity through a soil proﬁle is lost, a dry soil
layer (DSL) is formed in the topsoil (ﬁrst few decimetres of soil below
the surface), where water transport is mainly in the gas phase as water
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rates so small that they are usually neglected in ﬁeld studies (Balugani
et al., 2017). The transition between S1 and S2 evaporation depends on
soil material properties and also on soil temperature which has recently
been found by Neriah et al. (2014). Laboratory experiments show that
S2 evaporation rates are independent from S1 rates and do not vary
much over a wide range of soil materials and boundary conditions (Or
et al., 2013). This means that S2 evaporation rates are mostly similar in
diﬀerent evaporative conditions. The small S2 evaporation rates
(< 1 mm d−1) are often neglected in ﬁeld studies, when either the soil
surface is dry or the water table is considered to be deep enough (Shah
et al., 2007). For example, Miller et al. (2010) neglected groundwater
evaporation in an area with WTD between 7 and 12 m b.g.s. (below
ground surface), while Paço et al. (2009) neglected soil evaporation
when pasture was dry with a WTD between 4 and 6 m b.g.s. However,
the bare soil evaporation can be an important component in a hydrological balance in both dry deserted lands (Wang, 2015) and during dry
seasons in Mediterranean climates, as conﬁrmed by Balugani et al.
(2017) in a study area characterized by an open woodland ecosystem,
and WTD between 1 and 10 m b.g.s. Moreover evaporation in arid
conditions was documented even at WTD > 100 m b.g.s. by Li et al.
(2014), Scanlon (2000), Walvoord et al. (2002a) and Walvoord et al.
(2002b).
The presence of a DSL has been attested both in laboratory and ﬁeld
studies, but its eﬀects on bare soil evaporation are controversial. The
DSL observed in laboratory conditions consists of an air-dry layer between the soil surface and the vaporization plane (Fig. 1a and b): water
in the DSL is present only in vapour form. The soil is completely saturated by the gaseous phase that has, therefore, higher mobility than in
the remaining part of unsaturated zone. The thickness of the observed
DSL (ZDSL) goes from few mm (Deol et al., 2014) to more than 50 cm
(Sun et al., 2016). In the laboratory experiments, typically under steady
state conditions, water transport from the vaporization plane to the soil
surface can be explained by vapour diﬀusion alone, and the formation
of a DSL results in a strong decrease of evaporation rates (Or et al.,
2013). In ﬁeld studies, however, the DSL is more dynamic, due to daily
changes in evaporative condition: (i) ZDSL can change due to redistribution of soil moisture when the driving solar radiation is absent
during night (Idso et al., 1979), water vapour can condense in the DSL
due to temperature proﬁle changes, and evaporate from it in the
morning (Assouline et al., 2013; Deol et al., 2014); (ii) air turbulence in
the atmosphere can enhance the vapour transport in the ﬁrst 2–4 cm of
the DSL (Ishihara et al., 1992). These processes can greatly increase the
transport of water vapour through the DSL, which can be as high as the
upward ﬂow of liquid water from the deeper soil to the vaporization
plane (Brutsaert 2014).
The three main approaches to modelling the evaporation from a soil
with a DSL are to: (i) assume that the DSL has no real eﬀect on the daily
cumulative soil evaporation; (ii) assume that the DSL can be modelled
as if the liquid water continuity through the proﬁle is maintained; (iii)
use the DSL model developed from laboratory experiments observations. We call these three conceptual models, respectively: (i) the dailyaverage (DA) conceptual model; (ii) the numerical solution to the
Richards’ equation (NSRE) conceptual model; and (iii) the pore-scale
(PS) conceptual model. Table 1 shows a collection of studies about soil
evaporation in the presence of a DSL, the conceptual models used and
the type of experiment (ﬁeld, laboratory, and numeric). For more studies of DSL soil evaporation, see Wang (2015).
The DA conceptual model is based on the assumption that the
limiting factor for the daily averaged soil evaporation during S2 is the
upward isothermal ﬂow of liquid water to the vaporization plane. In
other words, the complex vapour transport processes in the DSL can be
simpliﬁed when integrated through a daily cycle, resulting in a negligible eﬀect of the DSL on the daily soil evaporation rates. Therefore, the
soil evaporation can be calculated as isothermal liquid water ﬂow to the
soil surface, with an exponential evaporation decay behaviour
(Brutsaert, 2014). However, the exponential behaviour seems

Fig. 1. Schematics of the soil saturations during stage two evaporation (S2) as:
(a) observed in laboratory experiments close to hydrostatic equilibrium (modiﬁed after Shokri and Salvucci, 2011), the dashed grey line is the linearization
of the retention curve, the black curve is the water saturation proﬁle of the soil;
(b) based on the assumptions of initial homogeneous soil moisture and presence
of a zero-ﬂux plane, as in Brutsaert (2014); water below the zero-ﬂux plane
moves downward, so only the water above it is considered in the evaporation
process. ZDSL is the thickness of the DSL.

vapour (Or et al., 2013). This is often the case in semi-arid and arid
areas (Wang, 2015). The bare soil evaporation process have been divided into two (Lehmann et al., 2008a, 2008b), three (Idso et al., 1979)
or four stages (Zhang et al., 2015); here we describe the two stages
conceptualization. During the ﬁrst stage of evaporation (S1), there is
liquid continuity between the saturated zone and the soil surface. The
evaporation of water takes place at the vaporization plane (Fig. 1),
which, at the beginning of an evaporation cycle, is at the soil surface; as
the evaporation progresses, the liquid water moves upward due to capillary ﬂow, driven by the water pressure gradient, while the depth of
the drying front, which marks the transition between saturated and
unsaturated zone, increases. Here, the unsaturated zone is deﬁned as
the part of the soil not saturated by gas or liquid, where the water
moves mainly by liquid ﬂow. The soil surface gradually dries as the
drying front and the water table move down. At a certain WTD, dependent on soil hydraulic properties, the capillary forces becomes too
small to ensure liquid continuity between water table and soil surface,
and a layer of soil not hydraulically connected to the water table develops (Lehmann et al., 2008a, 2008b). This is the beginning of the
second stage of evaporation (S2, Fig. 1a) when water evaporates from a
vaporization plane below the soil surface and then moves through the
DSL, according to Shokri and Salvucci (2011), mainly by vapour diffusion. In an unsaturated soil proﬁle, the process of DSL formation is
similar: in this case the depletion of the water stored close to the soil
surface results in a very dry upper soil (Fig. 1b). Some authors (e.g.,
Hillel, 1998), prefer to divide the evaporation into three stages, depending on evaporation rates, which are: equal to potential values
during stage I, dependent on the hydraulic properties of the soil material during stage II, and dependent on vapour diﬀusion during stage
III.
The evaporation rates from bare soils drop signiﬁcantly when a DSL
develops, i.e. between S1 and S2 (Or et al., 2013), with S2 evaporation
406
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Table 1
Literature review table of studies of soil evaporation where a DSL was present; all conducted in sandy soils unless otherwise stated, all have found the model to
properly ﬁt the measurements unless otherwise stated. Mod. stands for “modiﬁed version of the NSRE model”. For more literature about DSL eﬀects on evaporation
reported in studies, see Wang (2015).
Study

Conceptual model used

Type of
experiment

Climatic conditions

Notes

Brutsaert (2014)
Lehmann et al.
(2008a, 2008b)
Shokri and Salvucci
(2011)
Sakai et al. (2011)
Deol et al. (2014)

DA
PS

Field
Laboratory

∼6 mm d−1
∼6 mm d−1

9 cm ZDSL (at onset of S2)

Li et al. (2014)
Assouline et al.
(2013)
Zeng et al. (2011a)
Aminzadeh and Or
(2014)
Neriah et al. (2014)

−1

E strongly reduced with ZDSL = 12 cm

PS

Laboratory

15 mm d

NSRE (mod.)
NSRE

Numerical
Field

12 mm d−1
8 mm d−1

No modelling, only
measurements
NSRE

Field

Very arid conditions (∼15 mm d−1)

Field

5 mm d−1

3 cm ZDSL
Microlysimeter ZDSL = 6 mm
Measurements only during the day (10–18 h)
WTD > 200 m; ZDSL not reported, but hardly any soil moisture in
the ﬁrst 60 cm of soil.
Lysimeter; ZDSL 1–5 cm

NSRE (mod)
PS

Field
Laboratory

∼10 mm d−1
5–9 mm d−1

DSL not taken into account
No indication about DSL, but the model can reproduce E in S2

PS

Laboratory

Various, from 5 to 30 mm d−1
−1

Dijkema et al. (2017)

NSRE (mod)

Field

PET > 15 mm d

Sun et al. (2016)

No modelling, only
measurements
NSRE, DA, PS

Field

Super-arid, 19 mm d−1

Field

During dry season, mean PET
3.5 mm d−1 (15 mm d−1 in the
afternoon)

This study

Dependence of the porous media hydraulic properties on T
E rates at S2 are similar at all the diﬀerent evaporative conditions.
Lysimeter; the study shows the limitations of HYDRUS1D in
simulating both a DSL and evaporation in very dry conditions.
Lysimeter, ZDSL = 50 cm, DSL has eﬀects on inﬁltrationevaporation cycles.
ZDSL ∼ 25 cm, DSL eﬀect on evaporation rate changes depending
on overall dryness of the system, cannot be properly modelled by
NSRE, the afternoon evaporation is underestimated by the PS
conceptual model

evaporation rates in the area;

dependent on climatic conditions as well as on soil material (McColl
et al., 2017).
The NSRE conceptual model is based on the assumption that the
numerical solution to Richards’ equation can properly model evaporation from a soil, even in the presence of a DSL. However, the NSRE
conceptual model cannot properly model an air-dry DSL, because it
does not permit discontinuity in the liquid phase (Dijkema et al., 2017);
instead, a “pseudo-DSL” can be modelled, deﬁned as a soil layer where
soil moisture is almost at residual state, and water vapour ﬂow is larger
than liquid water ﬂow. The idea is that the “pseudo-DSL” can properly
model the soil evaporation rates, albeit not the soil moisture proﬁle
(Assouline et al., 2013). However, recent publications have shown that
this approach leads to wrong evaporation rates estimates, especially in
arid and semi-arid conditions (Fetzer et al., 2017; Dijkema et al., 2017),
probably due to the imperfect modelling of the evaporation process in
the DSL.
The PS conceptual model is based on the laboratory observations
reviewed in Or et al. (2013). This conceptual model ﬁrst predicts the
depth of the drying front at the end of the S1 evaporation as dependent
on soil material properties, then calculates water vapour ﬂow using
Fick’s equation. An analytical solution for bare soil evaporation under
steady-state conditions, with a DSL layer in which water can move only
by vapour diﬀusion, has been elaborated by Sadeghi et al. (2012). A
limitation of this approach is that it assumes hydrostatic equilibrium
above the drying front and stable evaporative conditions. Neither of
these conditions are met in the ﬁeld. Moreover, several ﬁeld studies
reported water vapour ﬂow larger than estimated by vapour diﬀusion
alone and the cause is still debated (Webb and Ho 1998; Zeng et al.,
2011b; Assouline et al., 2013).
The main objectives of this study are to test, in a semi-arid area with
a reported 0.25 m thick DSL:

These objectives provide the structural sub-headings used in the
following Methods, Results and Discussion sections.
2. Study area and materials
2.1. Study area
The selected study site is a 2 × 2 km area with the central point
latitude 41.1172° and longitude −6.1471°, located within the ∼80 km2
Sardón catchment in Salamanca Province, Spain (Fig. 2). The study area
is characterized by semi-arid climate, very sparse vegetation cover and
a shallow groundwater. The morphology is typical of “Spanish meseta”
landscape with gentle hills (mean slope of 2.6%), with Sardón river
valley crossing the area in the centre from south to north and ground
surface elevation gently rising from the river valley to west and east.
The average elevation of the area is 790 m a.s.l., the elevation diﬀerence between the river and the highest point in the east is ∼30 m. The
area experiences large diﬀerences in meteorological conditions between
winter and summer: winters are cold (∼5 °C mean air temperature)
with frequent mild precipitation (100 mm month−1), while summers
are warm and dry (∼20 °C mean air temperature) with rare rainfall
showers (< 20 mm month−1).
The vegetation in the study area consists of scattered oak trees (7%
canopy coverage) and sparse annual grasses which are continuously
grazed by cattle. The Sardón study area has already been studied extensively; Lubczynski and Gurwin (2005) setup ﬁrst groundwater model
of the study area, Lubczynski (2009); Lubczynski et al. (2011); ReyesAcosta et al. (2012) and Reyes-Acosta and Lubczynski (2013, 2014)
studied the oak trees transpiration using sap ﬂow techniques;
Mahmoudzadeh et al. (2012) investigated spatial variability of water
table depth with ground penetrating radar; Francés et al. (2014) used
various geophysical techniques to develop a new hydrogeological
conceptual model of the catchment; Francés et al. (2015) and Hassan
et al. (2014) modelled the groundwater – surface interactions; and
Balugani et al. (2017) performed a partitioning and sourcing

• the assumption of the DA conceptual model that the DSL has a
negligible eﬀect on soil evaporation;
• the assumption of the NSRE conceptual model that it is possible to
predict the soil evaporation rates by modelling a “pseudo-DSL”;
• the ability of the PS conceptual model to explain the observed
407
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Fig. 2. Study area (2 × 2 km): the left map shows the measurements taken in the study area around the eddy covariance station and the altitude; the right map shows
the depth of the groundwater table (in m b.g.s.) on August 21, 2010, after Francés et al. (2015). Both soil moisture and matric potential proﬁles are so close to the
weather station that the symbols would superimpose.

evapotranspiration study with an eddy covariance tower, sap ﬂow
measurements and HYDRUS1D modelling.
The soil in the study area is spatially homogeneous, with texture
between sandy-loam and loamy-sand. It is formed by weathering of the
underlying fractured granite rock. Extensive soil sampling was conducted in the study area to determine top soil water content, soil hydraulic properties, soil texture and depth to bedrock. Double ring inﬁltrometer tests were used to determine vertical hydraulic conductivity
(Fig. 2).

tower, which measured continuously wind speed, relative humidity, air
temperature, incoming and outgoing solar radiation, precipitation, and
soil heat ﬂux every hour.
2.4. Calculation of EEC
To diﬀerentiate (partition) between soil evaporation and tree transpiration, the study area was divided into bare soil area and tree canopy
area, the latter assumed as equal to ground projection of tree canopy
area. The EC tower footprint shape and position was calculated for each
30 min time interval, so that it was known when the tree canopies were
measured by the EC tower. The tree transpiration was estimated by
upscaling sap ﬂow measurements following the methodology proposed
by Reyes-Acosta and Lubczynski (2013). This allowed the authors to
estimate the total tree transpiration (6% of the total evapotranspiration
measured by EC tower) and to eliminate it from the evapotranspiration
dataset, obtaining an estimate of bare soil evaporation measured by the
EC tower (EEC). Additional information on the evapotranspiration partitioning are included in Balugani et al. (2017).

2.2. Groundwater measurement and modelling
The shallow groundwater shows a change of WTD ranging from
∼0.5 m b.g.s. in the west, close to the river to ∼10 m b.g.s. in the east
in the higher terrain (Fig. 2). We installed several piezometers in the
western part in the sloping terrain (recording WTD every hour), while
in the eastern part the presence of shallow granite prevented the installation of piezometers. However, we monitored a deep well further
east, just outside of the study area. The typical yearly changes of the
WTD range from the shallowest at the end of spring (March-April) to
the deepest at the end of summer (October) with amplitude of ∼2 m.
The spatio-temporal water table dynamics for the years 2009–2010
were modelled by Francés et al. (2015).
2.3.

Micrometeorological

2.5. Soil measurements
To design and calibrate the NSRE conceptual model and investigate
the water potentials and temperatures of the DSL, we set up three
monitoring soil proﬁles in the study area. The proﬁles were equipped
with soil moisture and temperature sensors (Hydraprobe, Stevens, USA)
at four depths (25, 50, 75 and 100 cm b.g.s.) and matric potential
sensors (Decagon MPS1, USA, measuring range 0 to −0.5 MPa) at three
depths (15, 25 and 75 cm b.g.s.). Due to the very dry conditions of the
top soil, two polymer tensiometers (POTs, Bakker et al., 2007, measuring range 0 to −1.6 MPa) were also installed, both at 15 cm b.g.s. at
the two diﬀerent locations, next to two soil moisture proﬁles. All soil
measurements were recorded every hour by a Campbell CR1000 data
logger (Campbell Scientiﬁc, USA). The POTs sensors have wider measuring range than most tensiometers and were used to determine the
formation and presence of the DSL, in conjunction with manual measurements performed with soil ring sampling and a WP4 dew point
potentiometer (Decagon Devices, USA). In the context of this study, the
DSL is deﬁned as a soil layer with matric potential < −1.5 MPa (the
lowest measurable with the POT sensor). Moreover, when taking the
soil samples (locations shown in Fig. 2), we measured soil moisture
manually in the soil at diﬀerent depth using a portable Theta Probe
(Delta-T Devices, UK). These manual measurements were taken in
September 2011. A ponding experiment was performed on one of the
three soil proﬁles in order to inverse-calibrate the HYDRUS1D model.

measurements

An EC tower was installed in the study area to measure the actual
evapotranspiration (ETEC) every 30 min (Balugani et al., 2017). The
10 m high tower (average trees height is 4–5 m) was equipped with a
CNR1 four components radiometer (Kipp and Zonen, Delft, The Netherlands), a CSAT3 sonic anemometer (Campbell Scientiﬁc Inc., Utah,
USA), a LI7500 gas analyzer (Licor Biosciences, Nebraska, USA), and a
WXT520 “multi weather sensor” for measurements of wind speed, direction, air temperature and air humidity (Vaisala Oyj, Helsinki, Finland). The EC tower was positioned on a gently sloping terrain about
300 m from the river (Fig. 2). Additional equipment consisted of two
soil heat ﬂux plates (Hukseﬂux) and 19 temperature sensors, placed on
a vertical proﬁle from below to above the soil surface, used for the
assessment of energy balance. The data, collected for a total duration of
2 years (2009–2010), was then processed with the software AltEddy
(Wageningen University and Research, The Netherlands). The footprint
of the EC tower was calculated using the analytical model by Hsieh
et al. (2000) for the main wind direction with the modiﬁcation by Detto
et al. (2006) for the inclusion of the lateral dispersion. A 2 m high
weather station was also available in the area, at ∼100 m from the EC
408
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3. Conceptual models and methods

solution (Eq. (4)) to calculate the evaporation values for a long drying
event after a precipitation, when a DSL is usually formed. Brutsaert
(2014) shows a practical method to determine E0 and κ directly from
evaporation data: this can be done by ﬁtting a linear function to a semilog plot of evaporation values in time. We ﬁtted Eq. (4) to the semi-log
plots of evapotranspiration during the drying events of the ﬁrst half of
the dry season (calibration) to determine E0 and κ , and then we compared the predicted evaporation rates with the measured ones for the
validation dataset. Note that, due to the second assumption of this
conceptual model, the soil moisture below the zero-ﬂux plane is not
relevant in the evaporation process, so the WTD has no impact on the
estimated evaporation.

3.1. Testing DA conceptual model assumption
The main assumptions of the DA conceptual model are that: (1) even
if the evaporation through a DSL is a complex vapour ﬂow phenomenon, when averaged over a day it can be calculated as the upward,
isothermal liquid water ﬂow driven by pressure gradients, with negligible eﬀect of gravity; (2) the evaporation process aﬀects only the water
in the topmost layer (above the zero-ﬂux plane) of the soil (Brutsaert,
2014). The assumption (1) is based on the idea that most processes in a
daily evaporation cycle either cancel each other (e.g. thermally driven
ﬂuxes, Zeng et al., 2009; night-time wetting from below, Idso et al.,
1979) or enhance water vapour transport through the DSL to equal the
liquid water transport up to the vaporization plane (e.g. atmospheric
turbulence, Ishihara et al., 1992). When these processes are taken into
account in the dynamic nature of the DSL, the water vapour transport
through this dry layer is signiﬁcantly larger than expected when assuming only Fick’s diﬀusion (as found, for example, by Parlange et al.,
1998). Due to an abundant evidence from ﬁeld-studies (reviewed in
Brutsaert (2014)), the DSL eﬀect as an evaporation rate-limiting factor
is considered relatively small (again, when averaged over a day), and
the main factor controlling the evaporation rate is the capillary rise of
liquid water to the vaporization plane. The assumption (2) is that a
zero-ﬂux plane exists below the vaporization plane (Fig. 1b), at a ﬁxed
depth d where capillary and gravity forces acting on liquid water are at
equilibrium: above the zero-ﬂux plane water moves upward due to
hydraulic head gradients, while below, water moves downward by
gravity forces (Daamen et al., 1993; Jackson et al., 1973; Khalil et al.,
2003; Payne et al., 1990; Tsujimura et al., 2001; Villegas and Morris,
1990). Therefore, only water above the depth d evaporates.
The solution of the linearized Richards’ equation leads to two possible equations: one for short-term evaporation, where E [L T−1] decreases with the square root inverse of time, t −1/2 ; and the other for
long-term evaporation, where E decreases following an exponential
decay formulation. The assumptions for the linearization and solution
of the Richards’ equation are that: (i) the initial volumetric water
content is uniform throughout the soil proﬁle (θi , dimensionless); (ii) as
soon as the evaporation process starts, the volumetric water content at
the soil surface is air-dry (θ0 , dimensionless); (iii) the zero-ﬂux plane
depth d [L] (calculated as in Equation 9 of Brutsaert (2014)) is constant.
The evaporative ﬂux at the surface following Brutsaert (2014) is:
∞

Ed = E0

exp ⎛−
⎝
n = 1,2, ⋯

∑

⎜

(2n−1)2t ⎞
κ
⎠

3.2. Testing NSRE conceptual model assumption
The main assumption of the NSRE conceptual model is that a proper
modelling of the liquid phase discontinuity in the DSL is not needed to
estimate the evaporation rates from a dry soil. The NSRE cannot model
liquid phase discontinuity in the soil proﬁle phase (Dijkema et al.,
2017); with this assumption, however, it can be used even when such
discontinuity is clearly reported in the ﬁeld (Assouline et al., 2013). The
water vapour diﬀusion is taken into account: the DSL is approximated
as a “pseudo-DSL”, a soil layer where the water vapour diﬀusion is
larger than the liquid water ﬂow, even if the liquid water continuity is
not lost.
We applied the NSRE conceptual model in the study area by simulating the bare soil evaporation using the HYDRUS1D numerical model
(version 4.14) with coupled heat, liquid and water vapour ﬂow, described in Simunek et al. (2005) and Saito et al. (2006). The model
simulates the liquid ﬂow of water through a porous media by Darcian
ﬂow, while water vapour is simulated by the diﬀusion ﬂow only. We
used the van Genuchten (1980) expression for the water retention curve
(WRC). A 1D model was chosen because: (i) the focus was only on the
evaporation process; (ii) the model is widely used in the literature for
similar studies; (iii) the topographical gradients involved are relatively
small. HYDRUS1D has been already shown to be able to model evaporation of water from a soil with a 5 cm thick DSL, even with the van
Genuchten (1980) WRC (Assouline et al., 2013).
We used ﬁeld and laboratory measurements to determine the
boundary conditions and the soil hydraulic properties of the
HYDRUS1D model. The soil hydraulic properties were estimated by
laboratory analysis of the soil samples collected in the area together
with the data from the double ring inﬁltrometer tests conducted at 7
locations; these were used as a starting point for inverse calibration
using the data of the ponding experiment performed at the end of
September 2011 (see Section 2.2). The micrometeorological measurements collected every 30 min were used as the top model boundary
condition. The bottom boundary was set as the WTD, extracted from the
groundwater model of Francés et al. (2015) for years 2009 and 2010.
The HYDRUS1D model was calibrated using the dataset collected in
the three soil monitoring proﬁles (Fig. 2, Balugani et al., 2017; the
depth of soil proﬁles was ∼2 m b.g.s.). The temperature at the soil
surface was monitored by an infrared radiometer (IR100 from Campbell
Scientiﬁc) and the WTD in piezometers by 3 water level recorders
(Keller DCX-22, Switzerland) and by manual measurements. Uniform
temperature and soil moisture at ﬁeld capacity over the whole proﬁle
were set as the initial condition of the 2 years simulation. The simulation started 2 months before the setup and initialization of the EC tower
measurements (WTD and meteorological measurements from the 2 m
high weather station are available for that period).
To compare the HYDRUS1D model evaporation with the EC tower
measurements, the HYDRUS1D- evaporation was upscaled over the
whole bare soil area using maps of WTD obtained from Francés et al.
(2015) and compared to EEC using the EC tower footprint calculation.
For that purpose the study area was divided into pixels of 1 m2. In every
pixel representing bare soil, the HYDRUS1D models were run with

⎟

(1)

where:

E0 = 2D¯ (θi−θ0)/ d

(2)

κ = 4d 2/ π 2D¯

(3)
−1

−1

where E0 is in [L T , mm d in this study], D̄ is the liquid-saturation
weighted-mean diﬀusivity of air in soil [L2T−1, mm2 d−1 in this study]
(dependent on soil saturation, see Brutsaert, 2014, Eq. (4)), t is time [T]
and κ is the characteristic timescale of soil drying (Brutsaert, 2014,
Appendix A); all deﬁned in Eqs. (4)–(6) of Brutsaert (2014). For large t,
the series in Equation (1) converges to (Brutsaert 2014):

Ed = E0exp(−t / κ )

(4)
1
De0 t −1/2 ,
2

where De0 is the
while the limiting case for small t is =
desorptivity (deﬁned in Eq. 12 of Brutsaert 2014).
We identiﬁed all the drying periods after precipitation in summers
2009 and 2010 and split these periods into two subsets: a calibrationset, when a DSL was not yet formed in the soil (mid-April to July) and a
validation-set, when a DSL was reported (August-September); then we
used the ﬁrst subset to calibrate the model (i.e. ﬁt Eq. (4)) and the
second to validate the model. We are interested in the long-term
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linearization of the van Genuchten WRC. This diﬀers from the ﬁeld
observations, where a mostly constant ZDSL (∼0.25 m b.g.s.) was observed (through direct measurements and POT dataloggers, Section 2.5)
over the whole area despite diﬀerent WTD. Therefore, we implemented
two versions of the PS model: (i) the ﬁrst, called EVZ model, incorporating the Lc concept, with a ZDSL dependent on both WTD and Lc
(determined by soil material properties) and (ii) the second, called ECZ
model, more representative of ﬁeld observations with a spatially and
temporally constant ZDSL = 0.25 m over the whole area (with a set up
similar to the soil proﬁle in Fig. 1b).
The PS model was developed to explain stable evaporation in laboratory experiments, so its applicability to ﬁeld studies, where evaporative conditions can change dramatically at diﬀerent time scales,
can be problematic. In Shokri and Salvucci (2011) the PS conceptual
model was tested in laboratory experiments with potential evaporation
rates of ∼10 mm d−1 and initially saturated soil columns of 60 cm
height. In our study area evaporation rates were ∼3 mm d−1 during the
afternoon, the WTD was 10 m b.g.s. in the higher elevated parts of the
catchment, and changes in evaporative conditions between day and
night were large, ranging from 20 mm d−1 during a day to condensation during a night. Fick’s diﬀusion ﬂow was calculated as in Assouline
et al. (2013), knowing the air relative humidity, the soil relative humidity, the temperature at the vaporization plane and using Millington
and Quirk (1960) for the diﬀusion coeﬃcient.
In order to meet the assumptions and to apply the PS conceptual
model in our study, we limited the analysis to afternoon periods of the
day when the evaporative conditions were the most stable. We used
three criteria to select assessment days from the available time series:
(i) a DSL was observed by the POT measurements, (ii) withered grasses
occurred in the whole area (i.e. only bare soil present), (iii) no precipitation was recorded in the preceding week and in analysed days.
The decision to calculate the bare soil evaporation only during the
afternoon, from 14:00 to 19:00 local time (appr. 13:00–18:00 solar
time) was taken to exclude the possible evaporation of condensation
water in the DSL in the morning and because the temperature gradient
in the soil, the air temperature, the relative humidity and the net radiation did not change much during that period of the day. In this way
the calculations were performed for relatively stable evaporative conditions, when the presence and dryness of the DSL was conﬁrmed, and
the soil moisture proﬁle below the vaporization plane was relatively
close to equilibrium. The analysis for the PS conceptual model was
carried out for the following days: 11 August and 26 September of
2009; 29 June, 13 and 14 July, 21 August and 26 September of 2010.

known WTD obtained from Francés et al. (2015). In this way, we obtained HYDRUS1D modelled evaporation at 30-minute temporal and
1 m2 spatial resolution. We then multiplied these maps of HYDRUS1D
evaporation by the EC tower footprint (a probability density map) in
order to calculate the evaporation modelled by HYDRUS1D in the
footprint sampled by the EC tower. We call this HYDRUS1D-simulated
footprint evaporation Ef. This upscaling method is described in more
detail in Balugani et al. (2014, 2017).
3.3. Testing the applicability of the PS conceptual model
The PS conceptual model is based on laboratory experiments of soil
evaporation, where an air-dry DSL develops at the beginning of S2
evaporation with ZDSL determined by the soil hydraulic properties of the
soil. The formation of an air-dry DSL was observed in numerous laboratory experiments where initially saturated soils were left to evaporate under stable evaporative conditions (Lehmann et al., 2008a,
2008b; Or et al., 2013; Shokri and Salvucci, 2011). The saturation
conditions as observed in the laboratory studies in the soil proﬁle
during S2 evaporation is schematically shown in Fig. 1a (Shokri et al.,
2009; Yiotis et al., 2003). The soil proﬁle consists of three zones: a
saturated zone, an intermediary unsaturated zone (called “ﬁlm” region
by Lehmann et al. (2008a, 2008b) where water moves upward by capillary ﬂow, and an upper DSL zone where liquid water continuity is
lost and water moves only as vapour. Lehmann et al. (2008a, 2008b)
deﬁne the thickness of the intermediary zone by a characteristic length
(Lc) , which is the height of the hydraulically connected region between
the receding drying front (the saturated zone) and the vaporization
plane (Fig. 1a). If the evaporation rates are low, which is often the case
during S2, the liquid phase above the drying front is close to hydrostatic
equilibrium. In the case of hydrostatic equilibrium the Lc can be calculated by linearization of the water retention curve for the soil material (Fig. 1a, Shokri and Salvucci, 2011; Or et al., 2013), which implies that the depth of the drying front at the onset of S2, depends only
on the hydraulic properties of the soil.
We implemented the PS conceptual model based on the theoretical
model presented in Shokri and Salvucci (2011) and Or et al. (2013),
using an approach similar to that of Assouline et al. (2013). The main
elements of the PS conceptual model for S2 evaporation from soil columns are: (a) evaporation rate through a DSL layer is restricted to Fick’s
water vapour diﬀusion rate, so no liquid water ﬂow takes place; and (b)
Lc , determined by the soil material properties only, represents the
maximum height of continuity in the liquid water above the saturated
zone. Assouline et al. (2013) applied that PS conceptual model to calculate the evaporation ﬂow from a lysimeter with a reported air-dry soil
layer at the top. This was done by assuming only Fick’s diﬀusion ﬂow
for water vapour in the ∼0.04 m thick top DSL, and using soil moisture
content and temperature information at the top and bottom of the DSL
as boundary conditions to calculate the diﬀusion. We followed the
method of Assouline et al. (2013); the equation for the water vapour
diﬀusion (Ediff ) becomes, then:
v
Ediff = Dsoil
∙

ΔCv
ZDSL

3.4. Comparison of the three conceptual models
We evaluated the three conceptual models based on their ability to
estimate the EEC measurements. The three conceptual models estimate
soil evaporation at diﬀerent time frames: (i) the DA conceptual model
estimates the daily cumulative evaporation; (ii) the NSRE estimates the
evaporation rate for each time step, in this case every 30 min; (iii) the
PS model estimates the soil evaporation every hour during the stableconditions period of the day (14:00 to 19:00 local time, see Section 3.3).
The EEC measurements are taken every 30 min. We compared the daily
values of evaporation measured by the EC tower with those estimated
by the DA and by the NSRE conceptual models by integrating the EEC
and NSRE evaporation over a day. Then, we compared the PS evaporation estimates with the EEC and NSRE evaporation for the same
period of the day. Finally, we calculated the cumulative water vapour
diﬀusion through the DSL over a whole day to obtain daily values.
However, this is a stretch of the PS model assumptions, and it is possible
that water transport processes are missed in doing so.

(5)

v
Dsoil

where
is the diﬀusion coeﬃcient for water vapour in the soil, deﬁned as in Millington and Quirk (1960), and ΔCv is the diﬀerence between vapour concentration at the vaporization plane and at the soil
v
surface. Both quantities (Dsoil
and ΔCv ) are dependent on soil and atmospheric concentrations as detailed in Assouline et al. (2013).
The identiﬁcation of the initial ZDSL as equal to the characteristic
length Lc is applicable in laboratory conditions and with initially saturated bare soils, but it is problematic in ﬁeld conditions, where
random precipitation events, changing WTD conditions and variable
evaporative conditions result in a more complex soil moisture proﬁle.
When the original concept of Lc is taken into account, ZDSL depends on
WTD (e.g. Fig. 1a), as ZDSL = WTD−Lc , with Lc calculated by
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grass senescence (May) to the ﬁrst heavy precipitation events (around
mid-September).

4. Results
4.1. Field measurements

4.2. Testing DA conceptual model assumption
The results of the EC measuring campaign, together with the corresponding rainfall data, are presented in Fig. 4. The acquired data
show that the year 2009 (∼300 mm y−1, early 2009 not shown) was
much drier than 2010 (∼700 mm y−1). Consequently, water table was
deeper and soil moisture was lower at the beginning of the dry season in
2009 than in the same period of 2010. During the wet winter of
2009–2010, with low potential evapotranspiration and frequent rain
events, the EEC did not show drying trends, but increased steadily until
April (mid-spring). After April weather conditions started to change,
with fewer rain events (every ∼2 weeks) and higher potential evaporation, and some drying spells appeared marked by daily decreases of
EEC between one precipitation event and another. The EEC was the
largest at the beginning of the dry season of the wetter year 2010
(3.5 mm d−1 in June 2010), when PET and soil moisture were high and
then steadily declined throughout the dry season, down to ∼2 mm d−1
in September 2010; the lowest EEC < 1 mm d−1, were recorded at the
end of the dry season in the drier year 2009. The EEC in June 2010 was
three times larger than in September 2009. For more details see
Balugani et al. (2017).
The EEC magnitude in the study area as analysed by diﬀerent ECtower footprint orientations shows no EEC dependence on wind direction during the dry season despite large diﬀerences in WTD ranging
from < 0.5 m b.g.s. along Sardón valley to ∼10 m at the eastern side of
the study area (see Appendix A). This is to be expected when a DSL
develops in the whole area: Or et al. (2013) and Neriah et al. (2014)
show that S2 rates are very similar even if boundary conditions vary.
During the dry season (summer): (i) the water in the river (Fig. 2)
stops ﬂowing and the river itself breaks up into many elongated ponds
hydraulically linked with groundwater (Fig. 3); (ii) the grasses wither
and are eaten by the cattle (Fig. 3); and (iii) a DSL, enhanced by the
large vapour pressure deﬁcit (VPD) and transpiration of grasses, quickly
forms up to a depth exceeding the root depth of the grass. Synoptic
weather measurements taken at 2 m height (Fig. 2) show that the relative humidity drops below 20% during a day in dry season, while the
air temperature may vary from 12 °C during night to 37 °C during the
day. The soil surface temperature ranges from 8 to 50 °C and the precipitation events are short and rare. The POT measurements (Fig. 5),
the direct observation during the soil sampling, and the presence of
withered grass prove that a DSL ∼0.25 m thick was present in the investigated area during most of the drying season, particularly after

The DA model calibrated using the drying events from the ﬁrst half
of the dry summer 2010 shows a consistent error when validated on the
drying events from the second half of the dry summer (not shown). We
ﬁrst identiﬁed all the drying events in the dataset, beginning from the
last day of rain and recording duration (in days) and cumulative daily
EEC until the next rain. Then, looking at soil moisture data, we divided it
into two subsets: the drying events relative to moister soils (beginning
of the dry summer, May-June 2010) and drying events relative to soils
with a DSL (end of summer, July-September 2009 and 2010; Fig. 6). We
used the ﬁrst subset to calibrate the DA model by linear regression of
ln (EEC ) against duration t (days); in this way, we obtained the two
parameters E0 = 2.88 mm d−1 and κ = 26.9 days, with a R2 = 0.76,
RMSE = 0.36 mm d−1. However, when applied to the validation dataset, the DA model predicted daily evaporation rates with a
RMSE = 1.04 mm d−1.
The consistent error in the evaporation rate predictions is due to the
fact that the drying events in the three periods analysed (Fig. 6) are
described by signiﬁcantly diﬀerent sets of E0 and κ parameters. Looking
at the semilog plot in Fig. 6, it seems reasonable to infer that the calibration dataset and the validation dataset have diﬀerent sets of parameters for Eq. (4). This means that the linear model ﬁtted to the calibration data is signiﬁcantly diﬀerent from the linear model ﬁtted to the
validation dataset. To test this hypothesis we: (i) divided the validation
dataset further into the second half of summer 2009 and the second half
of summer 2010; (ii) ﬁtted a linear model to each of the three subsets
(second half of dry summer 2009, ﬁrst half of dry summer 2010 and
second half of dry summer 2010, referred from here on as sh2009,
fh2010 and sh2010); (iii) tested the hypothesis that the linear models
are the same with an ANOVA test. The test showed that all the linear
models are signiﬁcantly diﬀerent, with very low p values for the comparisons between sh2009 and fh2010 model and sh2010 and fh2010
models, and p = 0.028 for the comparison between sh2009 and sh2010
models. The E0 and κ parameters for the models ﬁtted to the subsets
are, respectively: 0.64 mm d−1 and 17.0 days for the sh2009 model, and
1.81 mm d−1 and 14.7 days for the sh2010 model.
4.3. Testing NSRE conceptual model assumption
The evaporation estimated by HYDRUS1D for the EC tower footprint (Ef) diﬀers from the EEC in daily averages (Fig. 7, Balugani et al.,
2017) and in 30-minute estimates (Fig. 7); these diﬀerences are mainly
due to the wind-dependent footprint position inﬂuencing HYDRUS1D
estimates as explained in Section 2.3. HYDRUS1D modelled the formation of a very thin pseudo-DSL 1–3 cm thick only during the driest
period. The HYDRUS1D estimates for the daily evaporation rates are
presented and discussed in detail in Balugani et al. (2017). Here it is
important to note that although during wet periods (autumn to midspring) Ef is a good estimate of EEC (Balugani et al., 2017). During late
spring and dry season Ef is larger than EEC right after a precipitation
event, later on Ef drops quickly to nearly steady-state while the EEC
shows a continuous, slow decline (Fig. 7 in Balugani et al. (2017)). Ef
strongly depends on the footprint position: it predicts high Ef rates for
shallow water tables (close to the Sardón river, WTD 0.5–2 m b.g.s.) and
low for the higher terrain where WTD is deeper (7–10 m b.g.s.). EEC,
instead, shows no dependence on the wind-speed and wind-direction
dependent footprint position (see Section 3.1 and Appendix A), so there
is no signiﬁcant diﬀerence in EEC between the river valley and the
higher terrain footprints. Therefore, the error of the evaporation prediction from HYDRUS1D is related to the WTD, and therefore to the
footprint position as aﬀected by wind direction. The absolute (and relative) errors in the north, east, south and west quadrants are,

Fig. 3. La Mata catchment during dry season: Sardón River in the foreground,
then bare soil and further away scattered trees; all in the gently-sloping landscape.
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Fig. 4. Daily evaporation measured by the eddy covariance tower (EEC) and daily rainfall data. Periods in which the EC tower had data gaps are shown with grey
shade.

4.4. Testing the applicability of the PS conceptual model
The evaporation ﬂuxes calculated applying the pore scale conceptual model with a constant ZDSL (ECZ) and with a variable ZDSL (EVZ,
calculated as ZDSL = WTD−Lc ), during the stable-conditions period and
for the whole day, are reported in Table 2. ECZ calculated for the stable
part of the day show the same order of magnitude as the EEC measurements; however, the relative error (ECZ −EEC )/ EEC ﬂuctuates between 889% and 6% (average 1.19) with the highest relative error reported in Augusts of both years. EVZ has the same order of magnitude as
ECZ, but it tends to underestimate EEC, with an average relative error of
−0.82. The daily values of ECZ and EVZ have also the same order of
magnitude of the daily EEC, with an average associated relative error of
0.85 and −0.91, respectively. The daily estimates of EVZ always underestimate the measured EEC.

Fig. 5. POT (polymer tensiometer) and daily rainfall measurements near the
weather station, Fig. 2. The dry seasons (from grass senescence to ﬁrst heavy
rains) are coloured.

4.5. Comparison of the three conceptual models
The conceptual model with the lowest overall relative error is the
NSRE model for the whole period (dry summers 2009–2010) and for the
daily values; however, the pore-scale model has the lowest relative
error during the stable-conditions period. The average relative error for
the daily-average model for the validation period (dry summer 2010) is
1.44; the average relative error for the same period for the NSRE model
is 0.53. The average relative error for the daily values of the pore-scale
models are 0.85 and −0.91 for the ECZ and EVZ, respectively; the
average relative error for the same period for the NSRE model is 0.67.
The average relative error for the stable-conditions period of the pore
scale models are 1.19 and −0.82 for the ECZ and EVZ, respectively; the
average relative error for the same period for the NSRE model is 2.3.
Fig. 6. Semi-log plot of EEC versus time. The EEC dataset was divided into three
subsets with diﬀerent dry conditions each starting at diﬀerent Julian date of the
drying periods: DOY 211 (30 July 2009, orange dots), DOY 119 (29 April 2010,
blue squares), DOY 161 (10 June 2010, grey diamonds). (For interpretation of
the references to colour in this ﬁgure legend, the reader is referred to the web
version of this article.)
−1

5.

Discussion

5.1. Testing daily-average conceptual model assumption
The diﬀerences in E0 between the three daily-average ﬁtted models
(2.88 mm d−1, 0.64 mm d−1 and 1.81 mm d−1 for fh2010, sh2009 and
sh2010 models respectively) are probably due to the presence of a DSL.
Eq. (2) shows that E0 depends on two things: the initial soil saturation
(from soil surface to depth d ) and the soil diﬀusivity, itself dependent
on soil saturation. The assumption of a quick redistribution of inﬁltrated water after a precipitation event can be invalid when a DSL is
present in the topsoil: if the precipitation event is relatively short, it

−1

respectively:
−0.01 mm d
(0.21),
−0.05 mm d
(1.00),
0.008 mm d−1 (0.16) and 0.11 mm d−1 (2.20); where the absolute error
is Ef − EEC and the relative error is the ratio of the absolute error to the
average EEC. Fig. 8 shows the absolute error depending on wind direction (EC footprint position). When the results are averaged for the
whole area, the relative error becomes 1.16 mm d−1.
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Fig. 7. Comparison between Ef and EEC for: (a) 13
July 2010, with predominant wind coming from
west, i.e. from the river valley, with shallow WTD
(0.5–2 m b.g.s.); (b) 26 September 2010, with
predominant wind coming from the south, i.e.
from the higher terrain, with deep WTD (7–10 m
b.g.s.); the spike of Ef in 26 September 2010 at
10:00 is due to the wind temporarily coming from
the river valley.

precipitation events in Zeng et al. (2011a, 2011b), and Sun et al., 2016,
Table 1) and conﬁrms the ﬁnding by Wang (2015, Table 1).
The diﬀerent values for the characteristic timescale of soil drying (κ ;
26.9, 17.0 and 14.7 days for fh2010, sh2009 and sh2010 models respectively) show that this parameter is also aﬀected by the dryness of
the system. κ depends on the depth of the zero-ﬂux plane and on the soil
diﬀusivity (Eq. (3)). As seen before, the fact that the soil diﬀusivity
depends itself on soil moisture saturation is problematic whenever a
DSL is present in the topsoil. Moreover, Neriah et al. (2014, table 1)
reported that the eﬀect of temperature on the soil material hydraulic
properties has a signiﬁcant eﬀect on the transition between S1 and S2,
especially on Lc , which decreases linearly with temperature. Lc and d
(depth of the zero-ﬂux plane) are similar, as both depend on the balance
between the capillary, viscous and gravity forces, so potentially d is also
aﬀected by soil temperature during S2. Finally, using satellite data of
soil moisture (NASA SMAP) for the whole Earth, McColl et al. (2017)
showed recently that κ depends on climatic conditions: in fact κ decreases not only due to an increase in soil sand fraction but also with an
increase in the aridity index.

Fig. 8. Diﬀerence between Ef and EEC (Ef − EEC, in mm per half hour) plotted
against various wind directions; N is north, E is east, S is south and W is west.
Positive values found in the west, i.e. towards the valley with shallow water
table (200–300°) mean that Ef > EEC, while negative values found in the east,
i.e. towards the higher elevated area with deep water table (50–100°) mean that
Ef < EEC.

5.2. Testing NSRE conceptual model assumption
The proper way to use the Richards’ equation to model water
transport in dry soils is a controversial topic. Numerous ﬁeld studies
showed that, in dry-soil ﬁeld conditions, water vapour diﬀusion alone
cannot explain the observed evaporation rates, usually larger than the
predicted ones. To model such water transport, diﬀerent approaches
have been proposed: the inclusion of an enhancement factor (Philip and
de Vries, 1957, analysed in Webb and Ho, 1998), the eﬀects of air
advection in the soil (Rose, 1968a, 1968b; Zeng et al., 2011a), the
night-time condensation of water in the DSL (Wang, 2015, Table 1), the
daily cycle of soil water redistribution (Idso et al., 1979), the eﬀects of
atmospheric turbulence on the ﬁrst cm of soil (Ishihara et al., 1992), the
proper simulation of the soil water distributed as thin ﬁlms covering the

inﬁltrates only the ﬁrst centimetres of soil and then evaporates completely, with no eﬀect on the lower, dry topsoil (as in Sun et al., 2016in
Table 1). A typical dry-summer rain event in the Sardón study area
(5–18 mm in ∼1 h) inﬁltrates only the ﬁrst centimetres of soil, with no
eﬀect on soil dryness at a depth of 15 cm (see Fig. 5). This means that
the assumption of initially homogeneous soil moisture (Brutsaert, 2014)
after a precipitation event, is not correct whenever the depth of water
inﬁltration from such event is smaller than ZDSL (typically ∼5 cm). This
behaviour have been reported in other arid and semi-arid areas (see the

Table 2
Comparison of the EEC values with the evaporation calculated using the pore-scale conceptual model for the same time of the day, with a ﬁxed DSL (ECZ) and with a
ZDSL determined by WTD and Lc (EVZ); in mm d−1. Subscript stands for relative error.
11/Aug/2009
Stable-conditions
EEC
ECZ
EVZ
ECZ err
EVZ err
Daily values
EEC
ECZ
EVZ
ECZ err
EVZ err

period (14:00–18:00)
0.36
0.90
0.13
1.50
−0.64
8.00E−02
3.58E−02
5.13E−03
−0.55
−0.94

26/Sep/2009

29/Jun/2010

13/Jul/2010

14/Jul/2010

21/Aug/2010

26/Sep/2010

0.91
0.16
0.01
−0.82
−0.99

1.27
0.90
0.05
−0.29
−0.96

0.96
0.90
0.03
−0.06
−0.97

0.96
0.90
0.03
−0.06
−0.97

0.09
0.89
0.07
8.89
−0.24

0.89
0.16
0.00
−0.82
−0.99

7.80E−02
3.12E−03
1.72E−04
−0.96
−1.00

2.74E−02
3.06E−02
1.61E−03
0.12
−0.94

2.15E−02
9.39E−02
3.48E−03
3.37
−0.84

2.18E−02
7.80E−02
2.24E−03
2.58
−0.90

1.99E−02
6.65E−02
5.12E−03
2.34
−0.74

1.99E−02
8.73E−04
2.61E−05
−0.96
−1.00
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the bottom boundary of the DSL (0.25 m b.g.s.) can result in a change of
ECZ of an order of magnitude. ECZ shows larger negative relative errors
in September of both years due to a combination of relatively low air
temperature (∼21 °C) and high relative humidity (∼46%), resulting in
a ECZ lower than the measured EEC. The reason for the overestimation of
ECZ in August, instead, is not apparent.
In this study, deﬁning the ZDSL = WTD−Lc resulted in very thick
DSLs for the EVZ calculations, so thick that the water vapour ﬂow
through them was one to two order of magnitude smaller than the EEC.
The Lc calculated by linearization of the van Genuchten retention curve
based on the ﬁeld measured soil material properties is Lc = 0.25 m.
This means that, in the EVZ method, the DSL thickness can go from
0.25 m in the river valley, where water table is ∼0.5 m b.g.s., to 9.75 m
in the higher terrain, where WTD reaches 10 m b.g.s. The EVZ rates are
inversely proportional to DSL thickness, so to WTD; this means that the
assumption of ZDSL = WTD−Lc is not valid, at least in the case studied
where the EEC shows no clear relation to WTD. This was expected, as the
deﬁnition of Lc is based on controlled experiments with initially saturated soil columns which continuously and homogeneously dries over
constant evaporative conditions. In the ﬁeld the soil is exposed to a
variety of evaporative conditions, presence of grass and cyclical rewetting due to precipitation events.

soil grains (Tuller and Or, 2001). However, there is no agreement yet on
which of these approaches is the right one.
Even the assumption that an approximation of the DSL is enough to
estimate soil evaporation rates is problematic and diﬀerent levels of
approximation of the DSL conditions can be found in literature.
Assouline et al. (2013, Table 1) obtained good evaporation estimates
using the standard van Genuchten (1980) WRC for ZDSL between 1 and
5 cm. Sakai et al. (2009) used a modiﬁed WRC for low water contents
(Fayer and Simmons, 1995) for ZDSL ∼ 3 cm (Sakai et al., 2011,
Table 1). Dijkema et al. (2017, Table 1) pointed out that the best option
is to enable liquid-phase discontinuities in the soil proﬁle, so they used
the bimodal Durner WRC (Durner, 1994) with HYDRUS1D to model a
lysimeter experiment in Las Vegas, NV, USA; there was no direct observation of an air-dry DSL, but the measurements showed very dry soil
conditions from soil surface to a depth of ∼0.25 m. Interestingly,
Dijkema et al. (2017) showed that the model was not able to simulate
the very low soil moisture in the topsoil (Fig. 6 of that article) and had
trouble simulating evaporation in drying conditions with a dry soil
surface.
The diﬀerences between Ef and EEC (Fig. 8) are due to the diﬃculty
of the NSRE conceptual model to properly approximate the eﬀects of a
DSL. As a consequence the Ef estimates are reliable only when a DSL is
absent, i.e. in the wet seasons, but are unreliable in dry seasons when
the DSL thickness is substantial. The presence of a DSL in an area, such
as observed in this study, would limit the Ef rates even with a shallow
water table, making the Ef rates almost independent from WTD. The
fact that Ef is smaller than EEC in higher terrain (Figs. 7, 8, between 50
and 100°) cannot be due to the HYDRUS1D diﬃculty in simulating a
DSL; in fact, the proper simulation of a diﬀusion-only layer would result
in even smaller Ef rates. A possible explanation for the EEC > Ef in
higher terrain is beyond the scope of this study, and it is discussed in
Section 5.5.

5.4. Comparison of the three conceptual models
The two main sources of errors in the soil evaporation estimates
when applying the three conceptual models are: (i) how soil evaporation is related to WTD, and (ii) how the changes in soil moisture content
of the topsoil in S2 evaporation are modelled. The performances of the
conceptual models in predicting evaporation rates in this study are
mainly related to how sensitive they are to WTD, while the EEC measurements show little relationship with WTD or wind direction
(Appendix A). Note that the eﬀects of topography on EC measurements
are discussed in Appendix B, whereas the quality of the ETEC measurements in Appendix C. It appears that the best predicting conceptual
models are those in which the sensitivity of evaporation to WTD is
small, at least at the same ZDSL conditions. These are the DA conceptual
model and the ECZ implementation of the PS conceptual model. However, the rigidity of their DSL-related assumptions is problematic in
semi-arid areas, due to the high inter and intra-annual variation in atmospheric conditions (wet and dry years, wet and dry seasons).
The main source of error in the HYDRUS1D estimates of evaporation
comes from the WRC used to model the soil hydraulic properties. The
WRC has an eﬀect on both the properties of the developed pseudo-DSL
(residual water content, soil-vapour diﬀusion coeﬃcient, ZDSL) and on
the relation between evaporation rates and WTD. This is especially true
for sandy materials, which have a steeper WRC resulting in larger
matric potential gradients in the soil proﬁle. The relative error of the
HYDRUS1D model is low when averaged over the whole area due to the
balance between overestimation of evaporation in shallow WTD conditions and underestimation in deep WTD conditions. The mean root
square relative error is, in fact, three times the evaporation estimates,
and Fig. 7 shows how diﬀerent the NSRE evaporation estimates can be
with respect to EEC.
The pore-scale conceptual model, when applied to the stable conditions period, shows low relative errors for the ECZ implementation.
However, the relative errors are much larger when the model is applied
to a whole day, due to the obvious limitations related to unstable
evaporative conditions throughout a day. This makes the pore-scale
conceptual model impractical for ﬁeld studies, especially in semi-arid
areas, where evaporative conditions change widely within a day and
within a year. For example, in the Sardón study area, only ∼16% of the
total precipitation takes place during the dry summer, while the PET is
10 times larger during summer than during winter; also, soil surface
temperature and relative humidity, in the dry summer, can change from
8 °C and 100% during the early morning to 50 °C and 20% during the

5.3. Testing the applicability of the pore-scale conceptual model
The main reason for the diﬀerence between ECZ and EVZ values is in
the calculation of the distance the water vapour must travel from the
vaporization plane to the soil surface, i.e. ZDSL. The two implementations of the pore-scale conceptual model show completely diﬀerent
values and patterns among each other, showing the importance of the
deﬁnition of ZDSL in determining the calculation of the vapour ﬂuxes. In
the ECZ implementation, a constant ZDSL results in evaporation rates
dependent only on evaporative conditions. In the case of EVZ, instead,
the evaporation rates depend mostly on changes in WTD. These two
diﬀerent patterns remain the same in the calculation of the daily values.
From here on, only the calculation for the stable-conditions period is
discussed, the results for the daily calculations are discussed in Section
5.4. A spatially constant ZDSL is to be expected in Sardón study area
during summer, due to spatially homogeneous soil properties and the
presence of grass that depletes the soil water in the root zone up to
wilting point before senesce at the beginning of the dry season. The ECZ
implementation is, therefore, even if not perfect, a better representation
of the conditions observed in the ﬁeld than the EVZ method, as it assumes a spatially constant DSL thickness around the EC tower (as corroborated by ﬁeld observations, Sections 2.5 and 3.3).
ECZ shows a diﬀerent behaviour than EEC: it changes depending
mostly on the temperature at the bottom of the DSL, which has the
highest daily variation between mid-August to mid-September (see
Support material). The ECZ depends only on the diﬀerence in water
vapour concentration between the soil surface and the bottom of the
DSL. The water vapour concentration at the soil surface, due to very
high temperatures and low relative humidity during the day as considered in this analysis, is usually very low and does not change much.
The water vapour concentration at the bottom of the DSL, instead,
given that the soil moisture content at that depth is mostly constant,
varies with soil temperature. Therefore, a change in soil temperature at
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exceeds a critical value, i.e. when the heat transfer for the ﬂuid switches
from conduction to convection. The Rayleigh number calculated for
very permeable materials, high temperature gradients and big length
scales is below the critical value: the loss of air's heat in the unsaturated
zone by conduction is faster than by convection to colder areas of the
proﬁle. Rose and Guo (1995), however, show how taking into account
temperature inversion in a sloping soil proﬁle, results in a higher
Rayleigh number, potentially leading to convection processes during
the night (because of the inverse temperature gradient in the soil); the
convection of air in sloping porous material was also observed by
Antoine et al. (2009). It is important to note that even if convection of
air in sloping soil took place during night, this would not be measured
by the EC method, which does not work in such stable conditions
(Fisher et al., 2007) when ﬂux occurs below the measurement height
and does not reach the sensor. This means that, although this process
might be relevant for the calculation of the overall modelling of evaporation from bare soil, it cannot be the cause of the mismatch between
the evaporation calculated by HYDRUS1D and the EC tower measurements as both did not account for it.
Fourth, Papafotiou et al. (2010) studied the eﬀect of preferential
evaporation patterns in porous material with both numerical modelling
and laboratory experiments. Preferential evaporation in soils originates
from heterogeneities in the soil texture, structure and compaction. The
soil in the study area is fairly homogeneous in texture and structure, the
only possible source of heterogeneity could have been originated by
animal trampling resulting in soil compaction. This was not observed in
the ﬁeld as animals graze everywhere, with some preference for the
area close to the river.
Fifth, the bare soil, as already explained, experiences large diurnal
changes in temperature, with very high temperatures in the afternoon.
These conditions lead to the formation of air turbulences, in the form of
eddies and even dust devils (observed) resulting in abrupt changes in
the pressure and temperature at the soil surface, which can trigger
advective ﬂows of vapour in the dry unsaturated zone. This possibility
was studied for gas exchanges between unsaturated zone and atmosphere in the work by Poulsen (2006). They concluded that higher
amplitudes and frequencies of pressure variations result in higher values of diﬀusion–dispersion coeﬃcients and also in a larger E contribution. Maier et al. (2011) arrived at a similar conclusion for forest
soils. This process is not accounted for in HYDRUS1D but it would inﬂuence the EEC measurements, therefore it could contribute to the
mismatch between the HYDRUS1D Ef and EEC.
Sixth, the majority of the constitutive relationships for the hydraulic
properties of the soil materials, also in HYDRUS1D, are optimized for
relatively wet conditions. Therefore, the same properties may be poorly
characterized in the very dry conditions observed in the top unsaturated zone during this study. This problem cannot be eliminated a
priori as a possible cause of the HYDRUS1D simulation errors.
The amount of (possibly) unaccounted processes, the amount of
variables playing a role in the ﬁeld conditions and the small magnitudes
of the ﬂuxes in summertime semi-arid and arid conditions, make it
diﬃcult to point out the cause of the mismatch between Ef and EEC; the
only way to identify the unaccounted process or processes is to systematically analyse them using both laboratory and ﬁeld experiments.
This can be done dividing the possible “suspects” into categories depending on the possibility to eliminate them: the advection ﬂow cannot
be eliminated (only reduced); the turbulence is related to speciﬁc
conditions at the soil surface and can be controlled in laboratory; the
other factors depend on soil materials and geometry and can be controlled in the ﬁeld. Designing a series of lab- and ﬁeld-experiments,
slowly adding complexity at each step, should allow to ﬁnd which is the
process (or processes) overlooked in the HYDRUS1D assessment of
groundwater evaporation in very dry conditions with relatively deep
water table with well-developed DSL.

afternoon.
Brutsaert (2014, Table 1) disregards WTD in his daily-average
conceptual model for evaporation in dry conditions as a consequence of
the assumption that the evaporation process aﬀects only water above a
zero-ﬂux plane; the latter, according to literature, remains in the ﬁrst
few tens of cm of soil. The DA conceptual model also allows another
interesting observation: the eﬀect of the DSL on the evaporation process
seems related to the history and the conditions of a speciﬁc dry spell.
These conditions are related to the soil moisture content in the soil at
the beginning of the dry spell considered, to the strength of the evaporative conditions, and to the presence of grasses that quickly deplete
the soil moisture from a certain soil layer. A possible indicator of the
history of the system is the ZDSL thickness at the beginning of the drying
spell. Assouline et al. (2013, Table 1), for example, applied the PS and
the NSRE conceptual models to the lysimeter data from their study and
found that the ∼4 cm thick DSL had a negligible eﬀect on the evaporation rates. Similarly, Wang (2015, Table 1) shows that, in semi-arid
and arid conditions and with sandy soils, the eﬀects of a DSL on the soil
evaporation become large when ZDSL > 5 cm. Therefore, it is important
to ﬁnd a way to quantify the dryness of a system, for example through
the DSL thickness, which largely constrains the evaporation process.
5.5. Potential causes of

EF

<

EEC

in elevated terrain with deep water table

According to Shah et al. (2007), for the soil material considered in
this study the extinction depth (the WTD at which evaporation by liquid
ﬂow ceases) is 4.75 m. With the water table deeper than 4.75 m and
sandy loam soil material, the HYDRUS1D Ef was very low
(∼0.2 mm d−1), in contrast to EEC that was large > 2 mm d−1 (Fig. 7b).
A number of possible processes not included in HYDRUS1D might
be relevant, resulting in underestimation of Ef from a WTD > 4.75 m.
These processes could be:

• mechanical dispersion;
• air advection in the dry unsaturated zone;
• natural convection in a sloping, dry unsaturated zone;
• preferential evaporation ﬂow;
• abrupt pressure and temperature changes because of strong eddies
formation on the soil surface;
• a constitutive liquid hydraulic conductivity function which is incorrect in dry conditions.

First, the mechanical dispersion process of water vapour in the
unsaturated zone has been studied by Grifoll et al. (2005) who recognized (Grifoll, 2011) that the dispersivity mechanism can be relevant only in case of a Stefan ﬂow (ﬂow induced by the production or
removal of a chemical species at a certain interface). The lack of Stefan
ﬂow in the case studied means that the process of mechanical dispersion is likely not relevant in our case.
Second, the air advection has been already analysed by Liu et al.
(2005) for highland marshes and Zeng et al. (2011a) for drier conditions. When the gas pressure gradients in the unsaturated zone are
strong enough, and the pores ﬁlled with gas are well connected (as in
the case of a dry unsaturated zone), then the gas can move by advection
ﬂow. Zeng et al. (2011a) found that advection of air does play a role,
albeit small, in the evaporation process for a very dry top unsaturated
zone. The presence of a dry unsaturated zone layer, where water moves
only as water vapour by advection ﬂow, may explain a rate of soil
evaporation independent of WTD, as measured by the EC tower: with a
deep WTD the advection ﬂow could result in direct water vapour
transport from the saturated zone to the soil surface. This process, not
included in HYDRUS1D, can be present in our case, and could be a
cause of the HYDRUS1D underestimation of Ef.
Third, natural convection, according to Schery and Petschek (1983)
usually does not take place in the unsaturated zone. It occurs when the
Rayleigh dimensionless number associated to the free convection ﬂow
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6. Conclusions

•

The present study tested the performance of three diﬀerent conceptual models (the daily-average, the NSRE and the pore-scale) for
modelling soil evaporation in the presence of a DSL, in a semi-arid area
during two dry seasons, 2009 (drier) and 2010 (wetter).
The results suggest that:

• Among the three conceptual models tested, the daily-average con-

•

ceptual model is the most practical for ﬁeld conditions, as it is designed based on ﬁeld studies with few input data available; however, its assumption of negligible DSL eﬀect on the evaporation
process seems not appropriate for very dry conditions, when the DSL
thickness increases in time and the initial soil moisture proﬁle after
a precipitation event is not uniform. Under such conditions, the
assumption of area-speciﬁc E0 and κ parameters is problematic. The
performance of this conceptual model, therefore, needs to be corrected for the history of the drying area, related to soil moisture
contents and evaporative conditions.
The NSRE conceptual model, represented by HYDRUS1D, had the
lowest overall relative error when averaged over the whole area and
in the whole period. However, this masks the overestimation of
evaporation rates during drying periods, especially for shallow
water tables, and underestimation of evaporation rates from deep
water table conditions. Also, it could not properly simulate a DSL,
which conﬁrms the ﬁndings of Assouline et al. (2013) and Dijkema
et al. (2017). This seems not to aﬀect seriously the evaporation ﬂux
calculation when the DSL is thin, e.g. ∼3 cm as in Assouline et al.,
(2013), even if the soil moisture proﬁle simulated departs considerably from the observed one. However, when the topsoil is drier,
the simulation of drying events is more problematic (Dijkema et al.,
2017). In this study, where the DSL thickness is ∼0.25 m, the HYDRUS1D model using the van Genuchten soil moisture-water

Appendix A:.

ETEC Dependence

pressure relationship could not properly simulate the evaporation
rates.
The pore-scale conceptual model, modiﬁed in order to adapt it to
ﬁeld conditions, performed well in the prediction of evaporative
rates (both the EVZ and ECZ method), at least for the part of the day
with more stable evaporative conditions (mid-day to late afternoon).
The model shows a strong dependence on temperature at the bottom
of the DSL, which is not evident in the EEC dataset. Due to the assumption of stable evaporative conditions, the model was not able to
properly estimate the daily evaporation rates; because of this, the
model is no applicable to ﬁeld conditions.

This study indicates possible future directions for the improvement
of modelling of soil evaporation in very dry conditions, i.e. arid and
semi-arid areas, during dry season, when a DSL aﬀects evaporation. It is
still unclear, for example, when exactly a DSL starts to aﬀect the evaporation process in ﬁeld conditions. This could depend on the thickness
of the DSL, which, in turn, depends on soil characteristics and duration
of the drying event, and/or on the drying history of the system. Another
research direction could be to adapt the pore-scale model to arid and
semi-arid ﬁeld conditions. This would help understanding the physical
processes inﬂuencing the movement of water in a DSL under ﬁeld
conditions (e.g. atmospheric turbulence, variation in the temperature,
pressure and vapour concentration gradients).
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on wind direction

We tested the hypothesis that there is a relation between wind direction and ETEC magnitude, and more speciﬁcally, that in our study area the
higher ETEC is associated with the wind from the western side with shallow WTD than the wind from the eastern side where WTD is deeper. Before
analysing ETEC directly, we analysed the directionality of the surface roughness, which inﬂuences ETEC readings. In order to do so we ﬁrst analysed
roughness length (z 0 ) in all cardinal directions around the ﬂux tower from the measurements of the wind speed and friction velocity of the sonic
anemometer (installed at 10 m height), then analysed the changes of roughness length for momentum (z 0m ) with respect to wind direction following
van der Tol et al. (2003). We grouped the EC data into classes of wind direction of 30°, rejecting data with an absolute diﬀerence between wind
direction measured by CSAT3 and the Vaisala > 25°. For each of these 30° classes of wind direction, z 0m was calculated from friction velocity u∗ and
wind speed u , both estimated from measurements of the 3D sonic anemometer. A logarithmic wind proﬁle was assumed as:

u=

u∗ ⎛ z ⎞
ln
−Ψm
kK ⎝ z 0m ⎠
⎜

⎟

(A1)

where kK = 0.41 is von Kármán constant and Ψm is a correction for stability. We used the equation of Paulson (1970) for stable and unstable
conditions to calculate Ψm per half hour. The parameter z 0m was estimated by minimizing the root square diﬀerence between measured and modeled
(Eq. A(1)) wind speed.
The roughness length for heat (z 0h ) can only be calculated if a surface temperature is deﬁned. We used the radiometrically derived surface
temperature Trad calculated from the longwave radiation measured at the station, to estimate the roughness length for heat in a similar way to the
roughness length for momentum:

Tair −Trad =

T∗ ⎛ z ⎞
ln
−Ψh
kK ⎝ z 0h ⎠
⎜

⎟

(2a)
−3

H is sensible heat ﬂux derived from the sonic anemometer data directly, ρair is the speciﬁc mass of the air (kg m ), cp the
= −H /(ρair cp
heat capacity (J kg), Tair the air temperature measured at the station. The parameter z 0h was estimated by minimizing the root square diﬀerence
between measured and modelled Trad . This resulted in a value of z 0h as low as 2.4 10−4 m. Similar values have been reported before in dry, sparsely
vegetated areas (Verhoef et al., 1997; Gökmen et al., 2012). Ψh is calculated: (i) for unstable conditions with the formulation of Paulson (1970); (ii)
considered zero for stable and neutral conditions. See also Eq. (B13) in van der Tol et al. (2003).
We found that the ratio of friction velocity over wind speed (and thus z 0m ) was rather constant over cardinal directions except for the z 0m of
∼0.9 m in north-east direction vs. ∼0.2 m in other directions. The diﬀerent values in the north and east directions was due to the position of the
sonic anemometer (with the tower and the gas analyser blocking the wind coming from north-east) and not due to diﬀerences in soil roughness;
therefore, we decided to assign a constant value to z 0m (∼0.2 m) for all directions, i.e. we found no directionality for the soil roughness.
where T ∗

u∗) ,
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Fig. 9. A: ETnorm from Eq. (3A) plotted against wind direction for the whole half hourly dataset (the bars indicate the standard error, i.e. a measure of the variation
within the class). A wind direction 0° means wind from the north, 90° from the east, 180° from the south and 270° from the west.

To analyse the directionality of the evapotranspiration measured by the eddy covariance tower, we could not use the actual values of ETEC given
wind direction, because both wind and ETEC might have been related to other climatic processes, e.g. if wind after rainfall is frequently coming from
the west, then the west will show a higher evapotranspiration value (which does not strictly depend on WTD diﬀerence with respect to the eastern
part). Indeed, the wind direction was unevenly distributed both over the daytime and the seasons, which means that simply correlating wind
direction and ETEC would be meaningless. However, both diurnal and seasonal periodicity can be removed by normalizing ETEC with the PriestleyTaylor potential evapotranspiration (ET0 ) as:

ETnorm =

ETEC
ET0

(3a)

where ETnorm is the normalised evapotranspiration, ETEC is the evapotranspiration measured by the EC tower (with a frequency of 30 min), ET0 is the
potential evapotranspiration calculated with Priestley-Taylor, also with the same, synchronized frequency of 30 min.
The analysis of the ETnorm dependence upon wind direction is presented in Fig. 9A together with associated standard error bars. For the year 2010,
ETnorm does not show any signiﬁcant relation to wind direction. For the year 2009 ETnorm shows some variation depending on wind direction, but the
low amount of data results in wide error bars. The higher ETnorm measured in year 2009 are recorded when wind is coming from the higher terrain
area where water table is deep (wind direction 30–120°, north-east). Therefore, no clear relationships between ETnorm and wind direction is apparent.
Appendix B:.

ETEC Dependence

on topography

A question arises regarding the validity of the ETEC measurements in a terrain not completely ﬂat (as with the gentle hills in Sardón study area).
For clarity, we separate the discussion of the eﬀects of the complexity of the terrain upon the accuracy of the ETEC measurements into two parts: (i)
the eﬀects on the wind ﬁeld and the ﬂuxes; and (ii) the suitability of the measurement technique.
Raupach and Finnigan (1997) reviewed topographical eﬀects on the meteorology. They distinguished direct eﬀects of topography on irradiance
and the wind ﬁeld from indirect eﬀects related to variation in soil and vegetation that correlate with topography. With a wind tunnel experiment,
they showed that hills modify the direction of the wind (creating revers ﬂow and wakes) in a way that aﬀects the EC measurements resulting in
changes in the order of 40% of the Stanton number (Raupach and Finnigan, 1997) near the hill top. In our study area, the eﬀect of the rugged terrain
on wind could have some eﬀects on the representativeness of the measurements and the validity of the footprint model. However, the obstacles in
our study area are very gentle, as their height to length ratio of 1/50 is ﬁve times lower than the lower of the two hills studied by Raupach and
Finnigan (1997). Moreover, the eddy covariance tower is not located near the top or the foot of a hill. For these reasons we do not expect signiﬁcant
direct eﬀects of the topography on the turbulence.
The topography clearly aﬀects the soils and the vegetation in our dry study area. There is a large contrast in surface temperature and in roughness
between the patches of trees and bare soil. However, the footprint model holds for a surface with a spatially constant roughness length (as in our
case, see Appendix A) although it has not been designed for sparse vegetation areas. More complicated footprint models are not necessarily better,
unless suﬃcient data are available for parameterization and validation. In our study, we know that the wind direction is correct, and we assessed the
sensitivity of the footprint shape upon the surface roughness in order to get an idea of the uncertainty of the footprint.
In order to test whether the rugged terrain and the distribution of the trees aﬀected the wind ﬁeld, we analysed the tilt of the average wind ﬁeld,
i.e. the roll and pitch of the wind vector from diﬀerent directions. This analysis was carried out with the software AltEddy (version 3.71) as well as
“manually” using Matlab, for a 10 days in row period of 2010 when the ETEC was about 2 mm d−1. It appeared that, depending on the wind direction,
there was a mild roll of between 0 and 5% and a pitch between 0 and 6% of the wind vector. The tilt of the wind ﬁeld was not larger than at other ﬂux
sites.
We carried out several other tests on the EC data to check the suitability of the measurement technique for our study area conditions. A potential
problem was the strong buoyancy in the area that might cause strong vertical winds. van der Molen et al. (2004) evaluated the eﬀect of the angle of
attack on the measurement accuracy of the wind speed for two brands of sonic anemometers (both similar in design to the one used by us) and found
a correction method for it. We followed that method and plotted on a histogram the ratio of the vertical and the horizontal wind speed (not shown)
and found that the absolute value of this ratio was smaller than 0.5 in 95.4% of the cases, indicating that correction for angle attack was not
necessary.
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Appendix C:. ETec measurements quality and related error
Out of the four components of the energy balance, the ETEC probably had the largest relative error, as being the smallest of the ﬂuxes during the
dry period and as derived from two sensors: a sonic anemometer and a gas analyser. The values of ETEC were between 0.04 mm d−1 and 4.00 mm d−1
(the value of 0.04 mm d−1 was extremely low, and only occurred for 12, 22, 26 and 28 September 2009).
It is widely accepted that the error in ETEC is around 20% (e.g. Goulden et al., 1996), but it can be even higher when the gas ﬂuxes are low as in
very dry conditions. However, that accuracy can be improved by comparing ETEC to water balance estimates as found by Scott (2010) for savannah
landscape. We found that, in the very dry periods, the vapour pressure deﬁcit was ∼10 hPa and the standard deviation of the 10 Hz vapour pressure
measurements was about half of the one during the wet period. Because the ﬂuctuations in vapour pressure and vertical wind speed are of the same
order of magnitude in both the wet and dry season, we assume that the error associated with the ETEC measurements is also similar in the wet and the
dry season (approximately 20%). As such there is no reason to assume that the accuracy of the measurements of gas concentrations and of wind
speed changed between dry and wet period in absolute sense.
Physical limitations of the instruments, such as the separation of the responses of the anemometer and of the gas analyser, the size of the eddies
that can be sampled, and the terrain eﬀects (non-horizontal mean wind at the tower height), play a role in our case. We investigated this by means of
a sensitivity analysis of AltEddy by switching on and oﬀ corrections (type of axis rotation, spectral ﬁtting) and deliberately entering a smaller or
larger distance between anemometer and gas analyser (i.e. changing the planar ﬁt method), which resulted in changes in ETEC of only a few percent.
The eﬀects of changing the planar ﬁt method were in absolute sense smaller than in the wet period (0.5 W m−2 in the dry period versus 0.7 W m−2 in
a wet period), but larger in relative sense.
Appendix D. Supplementary data
Supplementary data to this article can be found online at https://doi.org/10.1016/j.jhydrol.2018.10.018.
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